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Abstract. Kinetic and fluid dynamic constraints on deepseated magma migration rates suggest ascent velocities in
the range 10 to 30 m/s, 10 -1 to 10m/s and 10 -2 to 5m/s
for kimberlitic, garnet peridotite-bearing and spinel peridotite-bearing alkalic magmas. These rates virtually demand
translithospheric magma transport by a fracture as opposed
to diapiric mechanism. The hypothesis that volatile exsolution accelerates magma through the deep lithosphere is
tested by solution of the appropriate set of conservation,
mass balance and volatile component solubility equations
governing the steady ascent (decompression) of compressible, two-phase magma (melt+ H20 + CO2) in which irreversible phenomena (friction, heat transfer) are accounted
for. The results of the numerical experiments were designed
to test the importance of melt bulk composition (kimberlite,
nephelinite, alkali basalt), initial conditions (mass flux (~/),
heat transfer coefficient (B), lumped friction factor (C f)),
conduit width (D), initial magma volatile content and
geothermal gradients. The fractional increase in ascent rate
(A u/ul) is rarely greater than approximately 2 during translithospheric migration. The propellant hypothesis is rejected
as a first-order mechanism driving magma acceleration during ascent. The most influential parameters governing ascent dynamics are ~ r CI ' D, B and the geotherm. Because
of the relatively incompressible nature of the magmatic volatile phase at P > 100 MPa, the initial magma volatile content plays a secondary (although demonstrable) role. The
main role of volatiles is in controlling the initial magma
flux (~/) and the magma pressure during ascent. In adiabatic (B=0) simulations, magma ascends nearly isothermally. Generally, however, the assumption of adiabaticity
is a poor one especially for flow through narrow (0.5 to
2 m) conduits in old (cold) lithosphere at rates ~ 10-1 m/s.
The proposed fluid dynamic model is consistent with and
complementary to the magma-driven crack propagation
models. The generation of mantle metasomatic fluid is a
corollary of the non-adiabatic ascent of volatile-bearing
magma through the lithosphere. Magma heat death is an
important process for the creation of mantle heterogeneity.

Introduction

Preamble
This paper is the third in a four part series dealing with
the role of volatiles in petrogenesis, focusing particularly
on mantle metasomatism and the eruption and transport
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history of mafic alkalic magma. In part I (Spera and Bergman 1980), it was noted that CO 2 solubility data for natural
and synthetic silicate liquids at high temperatures and pressures are consistent with a solution mechanism represented
schematically by a polymer condensation reaction of the
form:
SiO2 4 (melt) + CO2(v ) + Si, O~2~"~+1) (melt) ~Si,+l ~3,+4N-2(n+2)(melt) + C032 (melt)
where n is a positive integer. Thermodynamic analysis of
available X~cco2-P,-T data enabled determination of the
equilibrium CO 2 content of alkalic, tholeiitic and andesitic
melts as a function of CO 2 fugacity, total pressure and
temperature. Unlike H20, the CO2 content of saturated
melt depends markedly on the bulk composition of that
melt. CO z is most soluble in low silica high alkali activity
melts. Indeed, as noted by Wyllie and Huang (1976), Wyllie
(1978, 1979) and by Eggler (1974, 1978), the genesis of very
low asio~ melt may depend critically upon a non-trivial content of total carbon in the mantle source. According to
Wyllie (1980) for instance, at depths greater than about
80 kin, partial fusion of anhydrous carbonated mantle peridotite produces a trace of carbonatitic magma (30 to
40 wt.% CO2) which changes with increasing temperature
(hence degree of partial melting) through compositions corresponding to kimberlite and olivine-melilite nephelinite.
Precise melt compositions depend on the bulk composition
of the source, Pt, T, fco2,fH2o, andfo2.
Additional information bearing on the significance of
volatile components in alkalic magmatism was summarized
in part II of this series (Spera 1981). Specifically, abundant
petrographic, fluid inclusion, geochemical and isotopic evidence from xenoliths in alkali basalts suggests that lowviscosity fluids rich in O - H - C - S - C1- F, dissolved silicates and especially the incompatible elements may ascend,
decompress and precipitate crystalline phases and/or induce
partial fusion in the upper mantle (e.g., see Boettcher et al.
1979; Boettcher and O'Neil 1980; Bailey 1982). In order
to model the dynamics and thermodynamics of ascending
mantle metasomatic fluid, the ordinary differential equations expressing conservation of mass, momentum and energy taking account of irreversible effects such as fluid friction and heat transfer (i.e., non-isentropic, non-adiabatic
flow) were solved for a variety of initial conditions. The
numerical simulations carried out were applicable to the
ascent (decompression) of a compressible, viscous, twocomponent (H20--C02) non-ideal fluid through a rough
vertical crack of constant width. For a given set of initial
conditions, the variation of fluid density, velocity, tempera-
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ture and pressure with distance along the crack depends
on a number of transport (e.g., fluid thermal conductivity,
viscosity, etc.), thermodynamic (e.g., composition, equation
of state, the isobaric heat capacity, etc.) and geometric (e.g.,
crack width, tortuosity, etc.) parameters, some of which
are poorly constrained. However, based on a range of geologically reasonable parameters, the following conclusions
were reached: 1) Metasomatic fluid moves at uniform rates
of order 1 m/s following a short transient phase of acceleration, 2) the fluid expands and ascends along a nearly isothermal path and 3) the fluid acts as an efficient heat
transfer agent capable of locally raising temperatures perhaps even to that of the local peridotite solidus. An additional implication of the rapid movement and decompression of mantle metasomatic fluid (MMF) is the generation
of local isotopic and trace element heterogeneity along the
ascent path.
A continuum of flow regimes are possible for magmatic
flows. At one extreme is the adiabatic ascent of incompressible melt-dominated magma. At the other end of the spectrum, there is the movement of metasomatic fluid. In this
paper and in part IV of this series, attention is focused
on magmatic flows of an intermediate nature. Such flows
are intrinsically multiphase (crystals + melt + vapor) with a
thermodynamic path that is neither isentropic nor adiabatic. Specifically, the thermodynamics and fluid mechanical evolution of volatile-charged magma during ascent
through the lithosphere is addressed. The petrological and
geochemical implications of thermal crises in terms of the
creation of mantle heterogeneity, the generation of metasomatic fluid and the focusing and upward transport of mantle heat are not discussed except in a general way. Instead
attention is focused on magma transport phenomena of
direct relevance to the ascent and eruption of alkali basaltic
magma. The outline for the remainder of this paper is given
below.
Following a brief synopsis of the thermal crisis concept,
a discussion of the evidence bearing on deep-seated ascent
rates is presented. It has been suggested that a high concentration of volatiles in mafic alkalic magma provides a source
for the rapid generation of magma kinetic energy by PV
work associated with decompression, volatile degassing and
vapor phase expansion. In order to test this hypothesis,
a fluid dynamic model of multiphase conduit flow is developed. This model is similar to one developed earlier (part II)
in that irreversible effects (i.e., sources of entropy-production) are explicitly considered. However, the model proposed here goes beyond the earlier one in that the analysis
models the two-phase (melt plus vapor) nature of volatilesaturated magma. Melt solubility expressions for H20 and
CO 2 are combined with the equations of change (conservation equations) so that the amount and composition of the
vapor phase may be determined as a function of height
above the magma source reservoir. Additionally, the H20
and CO 2 content of the melt, assumed to be in equilibrium
with the vapor phase, may also be determined as a function
of height. In the final section, the results of a number of
numerical simulations are presented and discussed in relation to traditional kinds of geologic evidence.

Magma heat death: a secondary originfor MMF
A well-defined mechanism for the generation of MMF that
is consistent with theoretical deductions from heat-transfer

theory, the probable sizes of magma transport conduits and
the petrology of mantle xenoliths involves the liberation
of volatiles as a consequence of crystallization of volatilebearing magma due to non-adiabatic ascent. In this view,
magma with some initial volatile content undergoes significant heat loss (see below) upon ascent. Crystallization occurs within the conduit as magma moves upwards. T h i s
process has been termed flow crystallization by Irving
(1980). Depending on the prevailing local values of temperature, pressure, and other intensive thermodynamic variables, hydrous, carbonate or sulphide phases may or may
not precipitate as crystallization proceeds. In cases where
the crystallizing assemblage does not accommodate the initial complement of volatiles, a fluid phase containing dissolved silicate components (Ryabchikov and Boettcher
1980; Ryabchikov et al. 1982) is generated. Because of differences in the PT stability of possible volatile-bearing
phases and melt/vapor partitioning of volatile components,
the composition of MMF may be quite different from the
initial volatile composition of the alkaline magma. Solubility relations indicate that the vapor phase is enriched in
CO2 relative to H20, the latter being concentrated in coexisting melt and/or hydrous-bearing phases at high pressure.
The common occurrence of CO2-rich fluid inclusions in
many types of mantle xenoliths (Roedder 1965; Murck
1978; Bergman 1982; Solovova et al. 1984; Lovelace 1984)
may be a reflection of this partitioning effect. A typical
abundance of COz-rich fluid inclusions in olivine-bearing
ultramafic rocks is 0.1 vol % (Bergman et al. 1981). If a
fluid density of 800 kg/m a is considered average (Murck
et al. 1978), then one calculates a bulk C content of about
70 wt. ppm. This is within the range of measured concentrations of 60 to 180 wt. ppm for olivine single crystals from
San Carlos, Arizona Type I nodules (Oberheuser et al.
1983).
Other hypotheses have been proposed to explain the
abundance of CO2-rich inclusions within olivine-rich peridotites (Freund et al. 1980, 1983). A major uncertainty is
the amount of C that may be dissolved in olivine and pyroxene under mantle conditions.
The thermal crisis argument hinges critically on the nonadiabatic ascent of magma. Many petrologists assume
magma ascent within the lithosphere to be an adiabatic
process despite strong theoretical evidence for the contrary
(e.g., see Marsh 1976, 1978; Marsh and Kantha 1978; Spera
1977, 1982; Delaney and Pollard 1982). Even in diapiric
models where the surface area to volume ratio of the ascending magma body is relatively small, heat losses can
be significant due to turbulent convection (Carmichael et al.
1977; Morris 1982). The main parameters governing heat
loss during magma ascent include the ascent rate, the size
and shape of the magma body and the local thermal gradient in the lithosphere through which magma rises.
Evidence is now mounting to suggest that, within the
lithosphere, basaltic magma is transported upwards by
viscous flow through a crack network (i.e., swarms of propagating melt-filled fractures). This concept has been discussed recently by Shaw (1980), Stevenson (1983), and
Spence and Turcotte (1983) and is supported by field studies
of frozen magma conduits (e.g., dike swarms along axes
of exhumed shield volcanoes and rift zones (Walker 1958,
Swanson et al. 1975), seismic studies of volcanic tremor and
earthquake swarms related to magma migration (Aki et al.
1977; Aki and Koyanagi 1981; Hill 1977) and ground de-
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formation studies at active volcanos (Ryan etal. 1983;
H a u k s s o n 1983). Apparently, the characteristic width of
magma-filled basaltic conduits is measured in meters. Conduit lengths are more difficult to estimate. A m a x i m u m
value is the depth to the source reservoir, perhaps m a n y
tens of kilometers for single long cracks. It is concluded
that basaltic conduits are characterized by relatively large
surface area to volume ratios. O n this ground alone, heat
transfer between m a g m a and surrounding lithosphere may
be expected to be important.
In terms of m a g m a ascent rates, indirect evidence based
on the competence of nearly aphyric m a g m a to transport
dense xenoliths (see below), rates of migration of earth-
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Fig. I a-e. Calculated temperature-depth trajectories for non-adiabatic ascent of magma at constant velocity in a cylindrical pipe.
Details of the simplified model are set out in Appendix I. The
light curves labeled TcR, T s and Tr represent the geotherm and
the solidus and liquidus curves for a basanite (Arculus 1975). The
geotherm was taken such that T - 1,400~ C at 80 km and T= 0~ C
at the surface. This implies a near surface geothermal gradient
of 26~ C/kin. Clinopyroxene is the liquidus phase for depths greater
than about 60 km; at shallower depths olivine is on the liquidus.
The transformation from pressure to depth is made by assuming
a "normal" continental crustal structure: 30 km of sialic crust
of density 2,650 km/m 3 and a submoho density of 3,300 kg/m 3.
a Constant viscosity case for average ascent rate of 10 cm/s. Temperature trajectories are plotted for initial cylindrical duct diameters of 1, 3 and 5 m. b Isoviscous case for ascent velocity of 1 m/s
and tube diameters of 1 and 3 m. e u=10 -1 m/s, D = 3 m and
the coefficient a, a measure of the temperature dependence of
magma viscosity is equal to 0 (isoviscous) or 0.01. The heat transfer
model breaks down for larger values of a. Note that temperatures
calculated here are m a x i m u m estimates since (1) a cylindrical conduit has been assumed and (2) magma compressibility effects have
been ignored. Heat transfer is much greater for magma transport
through a planar crack. The isentropic gradient for magma is approximately - 1 ~ C/kin. If these two factors were taken into account, heat death for magma rise in conduits several meters in
width would be even more prevalent

quake swarms related to m a g m a transport (Klein et al.
1977; Klein 1982; Hauksson 1983) and calculations for
m a g m a ascent in dike or pipe-like conduits (Spera 1980),
suggest characteristic ascent rates in the range cm/s to m/s
for alkali basaltic m a g m a (see below).
O n the basis of the above inferences and a simple heat
transfer model (Appendix 1) it is suggested that much of
the m a g m a generated in the mantle never reaches the surface of the Earth (Fig. 1). This conclusion is consistent with
those of Crisp (1983) regarding the volume ratio of intrusives to extrusives at any given volcano-plutonic center.
Her approach was based on an examination of the systematics of long-term (102 < t < 108 yrs) volumetric rates of in-
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trusion and extrusion of magma as a function of crustal
thickness and composition, magma composition and tectonic environment. Restricting attention to about ten welldocumented magmatic systems where the volcano-plutonic
link is especially good, she noted extrusive to intrusive volume ratios between about 1:4 to 1:20, the former being
applicable to basaltic systems in oceanic (thin crust) environments.
In summary then, it is suggested that MMF may originate by freezing of volatile-bearing, and ultimately volatile
saturated magma at depth. Evolution of a free vapor phase
is an obvious corollary of magma crystallization as is the
generation of trace element, and with time, isotopic heterogeneity within restricted portions of the lithosphere. A prediction of the thermal crisis hypothesis is that magma stagnation at depth should be most common in regions characterized by cold, thick lithosphere. In fact, some of the most
convincing evidence for mantle metasomatism (modal
metasomatism) comes from xenoliths derived from the subcontinental lithosphere (Harte 1983).
Magma ascent rates
Introduction

Data bearing on the ascent rate of magma within the deep
lithosphere are difficult to acquire. However, because the
rate of magma transport is an important parameter in constraining petrogenetic theories, an attempt is made to summarize available evidence. Although no single inference or
calculation is free from ambiguity, when considered collectively, there are indications that magma ascent rates on
the order of cm/s to m/s are not uncommon. These characteristic velocities refer to averages over the ascent path in
situations where magma successfully traverses the lithosphere. It must be kept in mind that such instances are
probably in the minority; much of the magma generated
in the deep lithosphere or asthenosphere may never reach
the surface.
Kimberlites

Although the present contribution focuses primarily on the
dynamics and energetics of alkali basalt ascent and eruption, it is important to note that in nature a continuous
spectrum of flow regimes across the compositional range
carbonatite-kimberlite-alkaline basalt exists. Rheological
and volatile-content variations across this compositional
spectrum are associated with contrasting dynamic flow regimes. For example, kimberlites which consist of roughly
subequal portions of solid (xenocrysts, phenocrysts, lithic
inclusions), melt and vapor almost certainly ascend more
rapidly than melt-dominated alkalic basaltic magma. Kimberlite ascent rates can be estimated by a number of methods including 1) reconciliation of the sizes of annealed olivine crystals with experimental coarsening kinetics data
(Mercier 1979) 2) the size and spacing of exsolved pigeonite
domains parallel to (001) in host diopsidic pyroxene
(McCallister et al. 1979; Grove 1982), 3) rates of graphitization of diamond at high temperatures and pressure (Horton
and Horton 1972), 4) preservation of coesite in grospydite
inclusions such as those from the Roberts Victor kimberlite
pipe, South Africa (Smyth and Hatton 1977) and 5) theoretical models of kimberlite eruptions (McGetchin and Ullrich

1973 ; McGetchin and Nikhanj 1973 ; Anderson 1979). Ascent rates calculated by this author based on the above
considerations generally lie in the range 10 to 30 m/s, and
are higher by about an order of magnitude than estimates
for alkali basaltic magma as noted below.
Alkali basalt ascent rates: kinetic constraints

Based on rate information garnered from phase equilibrium
studies (Cohen et al. 1967; Millhollen et al. 1974; Millhollen and Wyllie 1974; O'Hara et al. 1971) crude estimates
of xenolith residence times can be made for garnet bearing
lherzolites. For example, Chapman (1976) has described
garnet-bearing type I peridotite nodules from basanitic tufts
in Scotland. The preservation of garnet-bearing inclusions
within these tufts and lavas suggests xenolith residence
times around four to eight hours and minimum capture
depths of about 75 km at 1,200 ~ C. This implies ascent rates
near 2 to 5 m/s for these particular basanites.
Many workers have noted petrographic or geochemical
evidence for intranodule partial melting, especially in type I
xenoliths (e.g., Vihninot 1965; White 1966; Cooper and
Green 1969; Kleeman et al. 1969; Littlejohn and Greenwood 1974; Frey and Green 1974; Frey and Prinz 1978;
Ghent et al. 1980; Fujii and Scarfe 1982). Although an original patchy distribution of hydrous phases such as pargasitic amphibole or phlogopite has been called upon to explain the presence and localization of partial melt in some
instances (e.g., see Frey and Green 1974), partial melting
has been noted in nodules that presently contain no hydrous
phases (e.g., Fujii and Scarfe 1982; Ghent et al. 1980). The
extent of partial melting is usually quite small ( < 1 vol %).
Melt may originate by partial in situ fusion during rapid
heating and decompression due to xenolith incorporation
into hotter magma. In the absence of detailed melting rate
studies it is impossible to precisely determine xenolith residence times. However, the preservation of chemical heterogeneity in melt patches within spinel lherzolites may be used
to obtain maximum xenolith residence times and hence constrain ascent rates. Frey and Green (1974) report, for instance, heterogeneity with respect to CaO in small melt
patches in lherzolites from Victorian basanites. The diffusion time for eradication of CaO heterogeneity in a melt
inclusion of, say, 2 mm width (see plate 10 in Littlejohn
and Greenwood 1974) is about 3 days based on the Ca
diffusion data of Hofmann and Magaritz (1977) at
1,200 ~ C. Since heterogeneity of CaO is preserved, the nodule residence time must have been less than 3 days (approximately). The minimum ascent rate averaged over the distance traversed by the nodule (assumed to be 60 km) is
therefore 20 cm/s.
On the basis of a lack of chemical zoning in spinel and
clinopyroxene grains adjacent to melt in patches in spinel
lherzolites from British Columbia, Fujii and Scarfe (1982),
determined a minimum basalt ascent rate of 2 m s- 1. They
noted that this rate is in agreement with calculations based
on Stokes' law assuming newtonian behavior of the magma.
A second independent line of evidence for ascent rates
comes from experiments on annealing rates of fractures in
olivine at high temperatures (Wanamaker et al. 1982). Although again it is impossible to be precise, experimentally
measured annealing rates suggest that healing of 0.2 to
0.5 mm long cracks in Fo9o crystals taken from a harzburgite nodule occurs in 3 days to 1 week at 1,200~ C near
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Fig. 2. Illustrative plot of xenolith settling rate versus
xenolith radius as a function of magma yield strength
(%). Xenoliths are assumed to be spherical. The
density difference between xenolith and melt is taken
as 500 kg/m 3, the melt density is 2,800 kg/m 3 and a
Bingham rheology is assumed with a plastic viscosity
of 35 kg m- 1 s- 1 (350 poise). Units of yield strength
are in N/m z. A yield strength of 102 N/m 2 corresponds
roughly to a crystallinity (volume percent) of about
25%. The change in slope on the constant yield
strength curves is due to the increasing importance of
inertia relative to friction and buoyancy forces at high
xenolith Reynolds numbers

~g

20

X

O
0

i

10

1~

2'o

2s

XENOLITH RADIUS (cm)

QFM oxygen buffer conditions. Since planar features, often
crowded with CO2-rich fluid inclusions, are not unusual
in olivine crystals within type I nodules, it is reasonable
to assume residence times on the order of 80 to 170 h. If
xenolith entrapment occurs at a nominal depth of 60 km
(in the spinel lherzolite field) mean ascent rates around 10
to 20 cm/s are indicated. Although the use of crack healing
rates as an ascent speedometer for alkalic magma is, at
present, only semi-quantitative, it is hoped that further
study of the effects offo2, P, volatile composition and mineralogy on crack healing rates will better constrain ascent
rate determinations (Wanamaker 1984, pers. comm.).
In summary, it is noted that ascent rates in the range
10 cm/s to a few m/s appear to be representative of alkali
basaltic magma. Garnet-bearing inclusions are much less
commonly found in alkali basalts. When present, they indicate ascent speeds in the range J to 10 m/s, approximately.
Based on a different set of speedometers (e.g. olivine subgrain coarsening kinetics, diamond graphitization rates, xenolith settling rates, etc.), it is estimated that kimberlites
ascend at significantly higher rates, in the range 10 to perhaps 30 m/s.

Table l. Parameters in Eq. (i) and (2)
U,
Ap
p,
Pt
qz
g
R,
Re,
D,
ao

nodule settling rate
P,-Pt
nodule density
melt density
plastic viscosity for Bingham magma
acceleration due to gravity
nodule radius (assumed spherical)
nodule Reynolds number, - Pl D, U,/rh
nodule diameter, -=2 R,
magma yield strength

(1980). For spherical xenoliths and assuming Bingham plastic rheological behavior (i.e., a = a o + r / d , where or, Cro,
and d represent the shear stress, yield strength, viscosity
coefficient and strain rate respectively) the following expressions for the nodule settling speed (U,) were found: For
Re, > 2.0,

=0344

,

whereas for Re, < 2.0,
Alkali basalt ascent rates." inferences from xenolith sizes
Alkali basaltic lava flows and associated tephra deposits
commonly contain dense mantle-derived xenoliths. Mantle
xenoliths are important not only for the wealth of geochemical information they provide but also because they represent a unique opportunity to investigate deep-seated rates
of magma transport. By balancing inertial, viscous and
buoyancy forces and taking account of possible non-newtonian behavior of phenocryst or megacryst-laden magma,
an average xenolith settling rate may be determined. Obviously the settling rate so computed is a minimum estimate
of the magma ascent rate.
In Fig. 2, the results of representative xenolith settling
calculations are presented. The relations depicted in the
figure are based on rheologic data from a number of sources
(Shaw 1965, 1969, /972, /980; Shaw et al. 1968; Sparks
et al. 1977; Pinkerton and Sparks 1978; Murase and McBirney 1973; Feigenson and Spera 1981; Feigenson 1981;
Spera, unpubl, data) and expressions derived in Spera

2Apg
U " - 9 rh

(R , 415A po]2
g/"

(2)

The nodule Reynolds number (Re,) is defined as Pl D~ U,/rh.
Parameters appearing in eqs (l) and (2) are defined in
Table 1. Equation (1) corrects a typographic error in Eq.
(29) in Spera (1980). As an example, calculations suggest
a minimum magma ascent rate of about 10 cm/s for transport of a 20 cm diameter spherical nodule in a magma consisting of about J5 vol % phenocrysts. In such a magma
the yield strength is approximately 50 N m-2.
The yield strength of magma rapidly rises as the crystallinity increases. Marsh (1981) has ascribed the general rarity
of eruptive rocks containing more than 50 vol % phenocrysts to the abrupt change in apparent viscosity at this
crystallinity. For Bingham plastic or viscoplastic materials,
the apparent viscosity correlates well with the yield strength
(cro). Indeed, Sparks et al. (1977) have argued that the common occurence of xenoliths in alkalic basalts is due not
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to their more rapid ascent rates compared to other basaltic
types but, instead, due to their higher yield strengths and,
hence, ability to suspend solids. While this author agrees
that crystals will, in general, impart a yield strength to
magma (it is common knowledge that most muttiphase media exhibit yield strength behavior), he does not concur
with the conclusion that the high abundance of nodules
in the mafic alkaline suite is a consequence of their intrinsically high crystal content (hence yield strength). If this argument was correct, one would expect xenolith-bearing lavas
to be laden with a significant ( > 25%) fraction of high pressure phenocrysts since peridotitic xenoliths must be captured at sub-moho depths. Although megacrysts are common in some alkali basalts, their concentration is usually
quite low (several volume percent). In addition, in a number
of Quaternary Alkali basalts fields in the Western USA
this author is personally familiar with (e.g., Lunar Crater
Volcanic Field (Bergman 1982), Hawi Series, Kohala
Mountain, Hawaii (Feigenson 1981); Grand Canyon National Monument Area, Arizona (Best 1970, 1974a, 1974b),
Cima Dome Volcanic Field, Baker, California, San Francisco Peaks Volcanic Area, near Flagstaff, Arizona), no
general correlation between phenocryst, megacryst and xenolith content is apparent. Adjacent cones or lava flows
from even a single field exhibit large variations in xenolith
type, size and abundance with no apparent relationship to
lava or tephra crystal content and hence yield strength.
Based on the yield strength argument, one might predict
that xenoliths would be most abundant in highly phyric
basalts and especially basaltic andesites and andesites from
stratovolcanoes in island arc settings. This, however, is not
the case. On the basis of rheologic data (references previously cited) and the theoretical studies of eruption probability by Marsh (1981), it is suggested that when a magma
has cooled sufficiently to produce a high yield strength,
its apparent viscosity is so enormous that the magma ascent
rate becomes vanishingly small.
Until conclusive evidence for characteristically large
yield strengths in alkali basaltic magma at the time ofxenolith incorporation is presented, I believe it most reasonable
to entertain the working hypothesis that the presence of
ultramafic nodules in alkali basaltic volcanics is indicative
of relatively high average flow rates. It is important to note
that the conclusion reached here based on settling rate considerations is consistent with inferences based on kinetic
considerations as cited earlier.

Propellant hypothesis
Introduction
If it is accepted that mafic alkalic magma moves upwards
rapidly (cm/s to m/s), mechanisms for the mobilization of
melt at depth must be sought. One hypothesis is that exsolution of volatile components provides the means for conversion of PV work into kinetic energy thereby accelerating
magma upwards. A purpose of this paper is to determine
the abundance of volatiles necessary for the propellant effect to be operative at sub-moho depths. A basic constraint
is that upwelling xenolith-bearing magma needs sufficient
kinetic energy to transport dense xenoliths from sub-moho
depths.
In order to test the propellant hypothesis, I have derived
and solved the conservation equations (continuity, momen-

tum and energy) an appropriate equation of state for H20
(Burnham et al. 1969; Sharp 1962; Helgeson and Kirkham
1974; Holloway 1977) and CO 2 (Shmonov and Shmulovich
1974; Holloway 1977; Flowers t977; Spera and Bergman
1980; Kerrick and Jacobs 1981), a general equation of state
for two phase (vapor plus vapor-saturated melt) mixtures
and solubility expressions for H20 (see Appendix II) and
CO2 (Spera and Bergman 1980) in mafic alkalic melts. Simultaneous solution of this coupled set of non-linear algebraic and ordinary differential equations enables the determination of the temperature (7), pressure (p), magma ascent rate (u), the composition of the vapor phase, the volatile content of the melt, and the mass fraction of vapor
(~b) in the magma as a function of depth assuming closed
system behavior. It is a relatively simple modification to
allow for open system behavior by removing exsolved volatiles. Open-system behavior (i.e., removal of volatiles upon
exsolution) has the effect of increasing magma density and
viscosity and so that ascent of magma is impeded. In essence, the results of the calculations presented below tend
to maximize magma ascent rates by assuming closed system
behavior.
Because of the complexity of a crack network (see Shaw
1980; Hill 1977 for discussion of the topologic complexities
of volcanic conduits, magma migration paths and fracture
propagation in the lithosphere), it is necessary to one-dimensionalize the system. In a parametric sense, frictional
losses in a complex conduit network can be roughly taken
into account by estimating the effective friction coefficient
(Cy). The normal friction factor (/3 of incompressible
viscous pipe flow is a measure of the skinfriction and conduit roughness only. The effect of constrictions, bends and
crack tortuosity, is to increase frictional losses. In this
study, the effects of additional head losses are accounted
for by utilization of an effective friction coefficient, C IThe additional flow resistance offered by constrictions and
bends has been approximately estimated utilizing fluid dynamic empirical correlations such as those cited in Bird
et al. (1960), or Shames (1982) and making simple assumptions regarding crack geometries.

Fluid-dynamic model of two-phase flow: deep ascent model
Homogeneous flow theory provides the simplest method
for analyzing two-phase flow. Differences in velocity, temperature and chemical potential between the vapor and melt
promote rapid exchange of momentum, heat and mass. In
what follows, it is assumed that interphase transport phenomena proceed at high rates compared to ascent rates
so that average values for the velocity, temperature, pressure and chemical potentials of CO2 and H20 in coexisting
vapor and melt phases are identical. For steady homogeneous equilibrium flow in a constant area duct, the equations expressing conservation of mass, momentum and energy are (see Shapiro 1953; Wallis 1969; Spera 1981)

du
dz-

M dp
p2 dz

dp
-dz

2(I du
dz

(1)

2 Cf j~2 1
D
p

d T = ( ~ T T l ' ~. d
dz \ pCp J d z

(2)

pg

u du 4B(T--T~,)
Cpdz
2r

g
Ce

(3)

223
Table 2. Parameters in Eq. (1) through (9)

equal to 5 x 10 -5 K -1 (Nelson and Carmichael 1979) and
7 x 10- *1 P a - ~ (Stolper et al. 1981 ; Carmichael et al. 1977),
respectively. The delta parameters, defined according to

vertical magma velocity
vertical coordinate
mass flux, =--PiUi
p
magma pressure
Cj
effective friction coefficient
D
diameter of conduit
g
acceleration due to gravity
T
temperature
c~
isobaric heat capacity of magma (see eq. 6b)
heat transfer coefficient (see eq. d, Appendix I)
B
initial mass fraction of H20 in the system
initial mass fraction of CO 2 in the system
Zc~
mole fraction
X
~,fco2 fugacity of pure H20 and CO z at p, T
u

z

H20-- pm \aW~,]r,p,W,~o 2

_1

CO2 ~ - -

Subscripts and superscripts
w
wall or water
v
vapor
rn
melt

Parameters appearing in Eqs. (1), (2) and (3) and those that
follow in this section are defined in Table 2. Note that 21;/,
the mass flux through the volcanic conduit (assumed to
be a cylindrical pipe) is constant in steady flow and equal
to p~ u~ where p~ and u i represent the density and velocity
of magma as it leaves the reservoir. In order to close the
system of equations, an equation of state for magma must
be specified. The density of a magmatic mixture (p) is related to that of the vapor (,%) and melt (pro) phases by

P P~

4

P~

(4a)

where ~b is the mass fraction of the vapor phase in the
two-phase mixture at a particular depth. In the general case,
the vapor phase will be a multicomponent fluid. In this
work a binary ( H 2 0 - CO2) vapor phase is considered. The
vapor phase density is related to the composition of the
vapor phase by
_1 =

w v

v
co~q Wn~o

Pv

PCO2

t

(4e)

are calculated from the data of Burnham and Davis (1971)
and Spera and Bergman (1980) respectively and are taken
as constants. Although fiw, rico2, % and ~,, are, strictly
speaking, not constant, there are few experimental data to
constrain their temperature and pressure dependence.
Because the vapor phase is a binary fluid, it is necessary
to define a set of bulk vapor properties for the vapor solution. This, in general, is no simple matter as it involves
the problem of non-ideal mixing in the system H 2 0 - CO 2.
Although nonideal mixing in the vapor phase could be accounted for using the modified Redlich-Kwong equation
of Kerrick and Jacobs (1981), in the present calculations
ideal mixing in the binary vapor phase has been assumed
for simplicity (e.g., see Eq. 4b). There is no conceptual difficulty in incorporating non-ideal mixing behavior into the
numerical calculations. However, examination of activity
- composition relations in the system H 2 0 - C O 2 as proposed by various investigators (e.g., Holloway 1977; Flowers 1977; Kerrick and Jacobs 1981) suggests that excess
Gibbs Free energies of H 2 0 - CO a mixtures are fairly small
at magmatic temperatures (t> 1,100 ~ C) although accurate
experimental data are extremely scarce at high pressure (i.e.,
p > 1.5 GPa).
Consistent with ideal mixing in the vapor phase the following mixing laws have been adopted in this study:

~v=o~ c~w+ (l -o~0 %02

(5a)

/~ = 0;/~w + (I - 0;)/~co2

(5b)

cp, o = w; Cp, w+ W~o~ cp, co2

(5c)

where 0~ represents the volume fraction of H 2 0 in the vapor phase.
Because the fluid dynamic model is based on the homogeneous flow assumption, it is necessary to define a mean
isobaric expansivity and mean specific isobaric heat capacity of the two phase (vapor plus melt) mixture [see Eq. (3)].
These parameters are defined according to

(4b)
~=#c~v+ (1 - ~ ) c~m

PH20

where both Pco~ and Pu~o are functions of pressure and
temperature and may be determined by evaluation of appropriate equations of state (refrences previously cited), and
wv represents the mass fraction of the ith component in
the vapor phase. The density of the volatile-bearing melt
phase is given by
Pm=Po [1 +tim(P- 1 0 s ) - c%(T-- 1473)
+ C~H=o W~ o + aco = W~'O2]

-

Pm \63Wcmo2]m,p,w~

Greek symbols
p
density of two phase mixture (i.e., magma)
isothermal expansivity of magma (see eq. 6a)
~b
mass fraction vapor
/?
isothermal compressibility
~w, 6co~ see eqs. (4d and 4e)
0~
volume fraction of ith volatile species in the vapor phase
volume fraction of vapor in the magma

i_ # ( i - ~ )

-

(4d)

(4C)

where P0 is the density of devolatilized melt at 1,200 ~ C
and 102 k Pa (1 bar), and c~= and fl~ represent the isobaric
expansivity and isothermal compressibility of melt and are

(6a)

and

C'p=~b C.,~+(I-r

Cv,,.

(6b)

where # represents the volume fraction and ~b, the mass
fraction, of vapor in the two phase mixture (i.e., in the
magma), respectively.
Equations (1), (2), (3), (4) represent four equations in
the eight unknowns p, T, p, u, ~b, w~, Ww
~ and w CO2
m where
the subscript w refers to H 2 0 component. In order to close
this set of relations, two mass balance expressions and two
thermodynamic solubility equations are specified. The mass
balance equations follow directly from the assumption of
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Table 3. Parameters for C O 2 solubility expression

Computational algorithm

Melt composition

- A

- B

- C

Kimberlite
Nephelinite
Alkali basalt

7,800
8,200
9,100

7.4729
7.4729
7.4729

0.352
0.352
0.352

The parameters A, B, C refer to Eq. (9) in text. At 1,400~ C and
3 GPa (30 kbar), the concentration of CO 2 dissolved in melts of
kimberlitic, nephelinitic and alkali basaltic composition are 1t, 8.5
and 5 wt.% respectively for ~co~ = 1 (i.e., maximum CO2 solubilities). It should be emphasized that the numerical constants in this
table are based on very limited experimental data. g(p, 7)=
- A/r- ~-C(p-1)/r

closed system behavior. They are:
18X~b
Z~
+

18 X~(1 -~b)
18 X~ + 44 Xc~o2+ gfw (1 - Xc~o2- X~)

(7)

Z0 _ 4 4 ( 1 - - x m ) q~
CO~ 44 -- 26 X~
44X~o~(1-4)
18 X ~ + 44 Xc~o= + g f w (1 - X~o =- Xwm)'

(8)

Equations (7) and (8) fix the total amount of H20 and
CO 2 in the system. As magma ascends and decompresses,
volatiles exsolve from the melt; the mass fraction of the
vapor phase (~b) increases while X~ and X~co2decrease. However, the total amount of H 2 0 and CO 2 in the system (vapor plus melt) remains constant and equals Z ~ plus Z~
the initial volatile content of H 2 0 and CO 2 in the magma
at the initiation of ascent.
The final equations needed to specify the state of the
system are solubility expressions for HzO and CO 2 as a
function o f p, T,J~
and X~wfor particular bulk compositions. For all p and T, solubility equations modified from
Spera and Bergman (1980) are used for CO 2. It should
be noted that the experimental data upon which their expression is based are largely confined to high pressures
(Pco~ > 1 GPa). Comparison of calculated values of X~co~
at low pressures (Pco~~ 200 MPa) with extrapolations based
on the data of Kadik et al. (1972) shows reasonably good
agreement. Nevertheless, the solubility expression must be
considered tentative because of the general lack of low pressure CO2 solubility data. The solubility expression for CO 2
in alkalic mafic melt adopted here is
in X~cco2- In (1 - X~) = in f~co2+ g (P, 7)

(9)
e

where f~co~ is the fugacity of pure CO2 at p and T and
the function g, which depends on p, T and melt composition, is defined in Table 3.
Considerably more information is available regarding
the H 2 0 solubility in mafic melts as a function of pressure
and temperature. Unfortunately, however, most experimental data are confined to p < 1 GPa although some data do
exist at higher pressures. In Appendix II, an expression for
the HzO content of alkalic basaltic melt as a function of
p, T andfw is derived for pressures up to 3 GPa and temperatures to about 1,400 ~ C.

For magma at p and T and some initial volatile content
(i.e., Z~ and Z~ prescribed) Eqs. (7)-(10) may be solved
simultaneously to determine the mass and volume fraction
of vapor (~b and ~) and the equilibrium composition of coexisting vapor and volatile-saturated melt phases. Given some
initial ascent velocity (u~) Eq. (1)-(5) may then be solved
numerically so that new values of p, T, u, p, etc. are determined. Values of all parameters may be calculated at each
depth by iterative solution of the coupled system of algebraic and ordinary differential equations using a 4th-order
Runge-Kutta algorithm (Carnahan et al. 1969). Standard
numerical methods were employed to monitor and minimize truncation and round-off errors; no hint of numerical
instability was noted in any of the simulations. The effective
friction (C e) and heat transfer (B) coefficients were calculated at each depth using empirically derived correlations
(see Spera 1981, Appendix III). The effective friction coefficient is a function of crack roughness, the sum of all losses
due to crack tortuosity (e.g. sudden changes in the conduit
cross-sectional area) and the Reynolds number. The viscosity of the two phase mixture is used in the evaluation of
Re. So long as ~<0.7, melt is the continuous phase and
the viscosity of the mixture lies in the range 0.1<~/<10
with ,/ in Pa.s (Sibree 1934; Wallis 1969). If the magma
minus lithostatic pressure falls below some small value (on
the order of the tensile strength of peridotite, ~ 20 MPa)
or the magma temperature falls below the local solidus,
the run is terminated; a necessary condition for magma
ascent is that p >Pluh (Shaw 1980; Spera 1980) and T > T s.

Results
Preamble and synopsis

The conclusions summarized below are based on the results
of about 50 numerical experiments. The simulations were
designed to systematically test the importance of magma
bulk composition, initial conditions (e.g., mass flux, initial
depth), heat transfer coefficient (B), lumped friction factor
(CI), conduit diameter, H20/CO 2 ratios, the local geothermal gradient, and different melt bulk compositions on the
dynamic evolution of ascending magma. Clearly, the simulations are approximations to a complex set of interrelated
dynamic and thermal phenomena. However simplified the
one-dimensional pseudofluid model may be, the inclusion
of terms accounting for: (1) mechanical and thermal irreversibilities, (2) measured PVT and thermal properties of H 2 0
and CO 2 and (3) an equation of state for the melt that
explicitly accounts for the effects of p, T and volatile concentration on melt density, offers some hope that the model
is not overly simplified. The simulations reported here extend and amplify the earlier results of McGetchin and Ullrich (1973) and Lang (1972).
It should also be emphasized that this report focuses
on the "deep ascent" part of the decompression path. Specifically, the expansion behavior at depths less than 3 km
is not explicitly discussed. Although solutions were obtained along the entire ascent path (i.e., to the surface),
a flow transition occurs at shallow depths (Z ~ 3 km). Physically this transition corresponds to the high rate of change
of the isothermal compressibility of volatile-saturated
magma at low pressure. This thermodynamic feature is
manifested dynamically as a change from low speed quasi-
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Table 4. Kimberlite
Initial conditions
Run
No.

Zi

Ti

Pi

Ui

M

O

B

(km)

(~

(GPa)

(m/s)

(kg/m2s)

(m)

(j/m2s)

6
10
16
21
24
26
30

80
80
80
80
150
150
150

1,400
1,400
1,400
t,400
1,400
1,400
1,400

2.4
2.4
2.4
2.4
4.7
4.7
4.7

24
24
10
24
24
24
24

5.9 x 104
5.9 x 104
2.4 x 104
5.8 x 104
4.2 x 104
5.2 x 104
5.2 x 10'~

30
30
5
30
30
30
30

3•
5x
0
2x
2x
2x
2x

1,400
1,400
1,400
t ,400
1,400
1,400
1,400

2.4
2.4
2.4
2.4
2.4
3.7
3.7

3.3 x 103
6.6 x 103
7 x 103
6 x 103
7 x 103
6.67 x 103
6.67 x 103

5
5
5
5
5
5
5

0
0
0
0
10z
10
102

Alkali Basalt
37
80
38
80
39
80
B
80
D
80
J
120
K
120

1.2
2
2.5
2.5
2.5
2.5
2.5

Cf

103
103
103
10 a
103
103

Z~

Z~

~

W~

W~co2

X~w

(wt.%) (wt.%) (wt.%) (wt.%) (wt.%) (mole
frac.)
0.0825
0.0825
0.0138
0.0825
0.0825
0.120
0.132

10
2
t0
18
20
20
20

I0
18
10
2
20
20
20

6.4
10.5
6.4
2.9
9.4
9.4
9.4

8.9
2.0
8.9
1.4
19.4
19.4
19.4

5.6
8.6
5.6
16.3
14.4
14.4
14.4

0.46
0.05
0.46
0.89
0.46
0.46
0.46

0.5
0.5
0.5
0.5
0.5
0.75
0.85

5
5
5
10
5
2
2

5
5
5
10
5
18
18

1.8
1.8
1.8
10.0
1.8
12.8
12.8

4.9
4.9
4.9
8.4
4.9
2.0
2.0

3.5
3.5
3.5
2.7
3.5
6.3
6.3

0.21
0.21
0.21
0.44
0.21
0.05
0.05

Parameters at 3 km depth
Run
No.

P
T
(MPa) (~

U
(m/s)

p
~b
~
X~,~
(kg/m 3) (wt.%) (vol%) (mole
frac.)

6
10
16
21
24
26
30
37
38
39
B
D
J
K

124
1,283 60
989
84
1,180 62
959
621
1,351 12.6
1,942
160
1,320 62.4
930
834
1,326 35.2
1,473
295
1,445 56.8
914
Magma stagnates at Z - 10 km
413
1,353
1.5
2,270
306
1,382
2.6
2,164
213
1,406
3.5
2,004
511
1,384
3.3
1,839
Magma stagnates at Z = 5 km
368
1,404
3.8
1,754
Magma stagnates at 35 km

17
19
13.6
21
34
36.3

70
76
36
76
62
78.6

0.64
0.13
0.54
0.96
0.65
0.67

5.7
6.0
6.4
14.5

20
25
33
41

0.37
0.41
0.45
0.55

18.2

0.49

0.08

incompressible flow ( M < 0 . 2 ) to transonic compressible
flow ( M ~ 1), where M is the M a c h number. It is c o m m o n l y
observed that conduit cross-sectional areas increase (e.g.
the classic funnel-shaped diatreme structure) in the near
surface environment. This factor enhances the compressibility effect in driving a low speed subsonic flow towards
transonic behavior. However, in t h e " deep s e a t e d " environment, essentially nothing is known regarding the variation
of conduit cross-sectional area with depth. Therefore, to
keep the model as simple as possible, conduits are assumed
to remain constant in width.
Detailed results for some o f the numerical experiments
are given in t a b u l a r form in Tables 4 and 5. R a t h e r than
discuss each simulation separately or any one simulation
in particular, general comments emphasizing the most sensitive parameters governing the ascent trajectory are given
in the following sections. M o s t o f the simulations listed
in Tables 4 and 5 were purposely carried out starting with
rather high initial H 2 0 and CO 2 contents. E x a m i n a t i o n
o f final velocities shows that even for such high initial concentrations of volatiles, the fractional change in vertical

velocity (A u/ul) is less than or equal to a b o u t 2. A main
conclusion o f this study, therefore, is that in deep-seated
environments the exsolution o f volatiles leads to a rather
small increase in m a g m a ascent rate. The exsolution o f dissolved volatiles does not " e x p l o s i v e l y " accelerate m a g m a
through the lithosphere. This is not to say that volatiles
play no role in the ascent process, but only that ascent
rates do not vary over orders o f magnitude between the
source and the near-surface. In this view, kimberlitic or
alkali basaltic melt does not segregate from a peridotitic
source and then move upwards slowly as a km-sized m a g m a
diapir. Instead the following scenario is envisioned. A relatively small volume of peridotitic mantle undergoes partial
fusion to a limited extent (1 to 10%). The ultimate cause
o f fusion m a y be pressure-release melting or perhaps fusion
is triggered by the infiltration o f M M F with attendant heat
transfer (Spera 1981). In any case m a g m a pressure within
the partial melt region gradually rises above the mean normal stress due to the volume increase u p o n fusion. W h e n
the m a g m a minus mean n o r m a l stress rises above some
critical value (of order 30 MPa) a crack (or n u m b e r of
cracks) nucleates and m a g m a impulsively surges upwards
at cm/s to m/s.
A recent analysis by Spence and Turcotte (1984b) shows
that long cracks (1 to 102 kin) of n a r r o w width (0.1 to
5 m) will p r o p a g a t e at m/s rates when driven by slightly
pressured m a g m a (P--Plith~ 5 to 50 MPa). Their model is
complementary to the one developed here in that it shows
that, indeed, fractures o f a p p r o p r i a t e size will form and
p r o p a g a t e at requisite rates. In the purely fluid dynamic
model presented here, fractures are assumed to exist a
priori. There is, therefore, no need to call u p o n a " p r o p e l l a n t " effect to explain alkalic m a g m a ascent rates through
the lithosphere. As noted previously (Spera 1980), a modest
vertical effective stress gradient will drive low viscosity (0.1
to 102 Pa s) m a g m a upwards at cm/s to m/s rates. The critical factor is the absolute value o f the mean n o r m a l effective
stress (defined here as a o - p , where p is the m a g m a pressure
and a o is the mean n o r m a l stress) at the initiation of m a g m a
ascent (Fowler 1984).
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Table 5.

Depth
(km)

T
(o C)

Run No. 6
80
1,400
70
1,412
60
1,416
50
1,414
40
1,405
30
1,388
20
1,362
15
1,345
10
1,324
5
1,297
3
1,283
Run D
80
70
60
50
40
30
20
15

P
(MPa)

U
(m/s)

p
(kg/m a)

~b
(%)

~
(vol %)

X~w
(mole frac.)

Wc~%
(wt.%)

w~2o
(wt.%)

M
Mach Number

2,428
2,112
1,800
1,492
1,190
890
600
457
318
180
124

24.0
24.6
25.2
25.9
26.9
28.2
30.6
32.8
36.8
47.4
59.4

2,446
2,391
2,332
2,265
2,183
2,076
1,915
1,788
1,593
1,238
988

6.4
7.3
8.4
9.6
10.9
12.1
13.7
14.4
15.3
16.4
17.0

13.7
15.7
18.3
21.4
25.2
29.9
37.4
41.5
50.8
61.8
70.6

0.46
0.46
0.47
0.48
0.50
0.52
0.55
0.56
0.59
0.62
0.64

5.6
5.0
4.2
3.4
2.5
1.7
1.0
0.7
0.4
0.2
0.1

8,9
8.7
8,5
8.2
7.7
7.1
6.4
5.8
5.2
4.2
3.5

0.0094
0.0097
0.0102
0.0111
0.0126
0.0156
0.0222
0.0289
0.0421
0.077
0.115

2,797
2,739
2,682
2,625
2,565
2,499
2,419

1.8
2.3
3.0
3.6
4.3
4.9
5.5

4.1
5,4
7,0
8.8
10.6
12.7
15.5

0.21
0.21
0.22
0.23
0.25
0.28
0.31

3.5
3.0
2.4
1.8
1.3
0.8
0.4

4.9
4.9
4.8
4.8
4.7
4.6
4.4

0.001
0.0011
0.0011
0.0011
0.0012
0.0013
0.0016

1,400
2,428
1,398
2,121
1,385
1,819
1,363
1,522
1,331
1,230
1,289
942
1,236
661
Magma freezes

2.5
2.55
2.61
2.66
2.73
2.7
2.9

Effects of initial conditions, friction and heat-transfer
coefficients
Although all parameters have a demonstrable effect on the
ascent path, the initial conditions, frictional and heattransfer factors play the dominant role. For example, an
increase in C I by a factor of two increases the depth of
magma stagnation from 5 km to 25 km for a kimberlitic
magma with 20 wt.% volatiles (Z~ = 0.1 = Z~
starting
ascent at 80 km (2.3 GPa) where T~= 1,400 ~ C with B, the
heat-transfer coefficient, equal to 2 x 103 J/m 2 s K. This behavior is easily rationalized by inspection of Eq. 2. Similarly, for constant C s equal to 0.08 and 25 wt.% volatiles,
the magma temperature at a depth of 3 km equals 1,400 ~ C,
1,280 ~ C or 1,175 ~ C for B equal to 0, 3 x 103 J/m 2 s K or
6 x 103 J/m 2 s K respectively. As noted previously, magma
ascent is arrested when either p <pt or T falls below the
local solidus temperature. Failure of magma to reach the
surface in any simulation could always be traced to one
of these causes. Examination of Eq. (2) reveals that A)/, the
steady state mass flux through the conduit, plays a significant role in regulating the head loss during ascent. Note
that ~ / i s imposed as an initial condition and that the pressure loss is proportional to ~/2. For adiabatic ascent (B = 0),
a high initial mass flux correlates with both high head loss
and the initial rate o f magma acceleration. This effect follows from the non-linear coupling between Eqs. (1), (2) and
(4). Maximum velocities are achieved when the magma
pressure approaches the local lithostatic pressure. If iV/is
very large however, the m a g m a pressure will fall below
lithostatic and the conduit cannot remain open (magma
ascent arrested). In non-adiabatic flows (B>0), a large
value of M will decrease the importance of heat losses to
the surrounding lithosphere and therefore promote ascent.
In summary, the impossibility of making any sweeping generalizations by causual inspection of the coupled and nonlinear set of equations governing ascent is emphasized.

Seemingly paradoxical results such as a slight increase in
magma velocity for an increase in the friction factor are,
in fact, to be expected in light of the strongly nonlinear
nature o f the coupling between the field variables appearing
in the conservation, solubility and PVT relations. Finally,
it is worth repeating that many simulations ended with
magma stagnation at depth. This suggests that mantle metasomatism may be a rather widespread phenomenon
especially in cold subcontinental lithosphere where nonadiabatic ascent may be common.
The depth from which ascent begins has an effect on
ascent dynamics because of several interrelated factors. For
constant Cy and B, head and heat losses will be greater
for flows originating at deeper depths. On the other hand,
the deeper the initial depth, the greater the volatile content
(at saturation) of magma and so buoyancy forces are maximized. Detailed calculations indicate that depth of origin
has relatively little influence on the velocity o f magma at
any depth. Significantly, however, for low speed flows with
small frictional and heat losses (i.e., C~ and B are small)
magma arrives in the near-surface environment significantly
overpressured. That is, although the local velocity is not
particularly high, the potential for near surface transonic
behavior is enhanced over the case where Z~ is smaller.
This seems consistent with differences between inferred ascent rates for kimberlites (fast) and garden-variety alkali
basalts which transport spinel peridotite xenoliths.

Role of volatiles
The next most important parameter relates to the initial
volatile content of magma at its source. The distribution
of CO 2 and H 2 0 between the melt and vapor is governed
by equilibrium thermodynamics and so the mass fraction
of the vapor phase (4) at the initiation of ascent depends
on the bulk H 2 0 / C O 2 ratio as well as their absolute abundances. As is well-known, H 2 0 is far more soluble than

227
CO2 in basaltic melts. In kimberlite melts, CO 2 solubilities
may approach (or even exceed) H 2 0 contents at high pressures (Pt > 3 GPa) where melt compositions become carbonatitic (Wyllie 1980; Eggler 1978). We have not attempted
simulation of carbonatitic ascent here although the algorithm could easily be modified to accommodate such an
extreme magma composition. Because CO 2 vapor is denser
than H 2 0 at any Pt and T, CO2-rich magma is less overpressured compared to H20-rich ones at a given depth,
other parameters being fixed (e.g., C~, B, D, Zi, geothermal
gradient, etc.). This implies that H 2 0 is a better propellant
(per unit mass) as it is the conversion of PV work into
kinetic energy that accelerates magma upwards. The different PVT properties of a CO 2 versus H20-rich vapor phase
leads to modest differences in magma temperatures at a
given depth other parameters being fixed. As pointed out
previously (Spera 1981), irreversible expansion of a nonideal fluid can lead to either heating or cooling of that
fluid due to a non-zero Joule-Thompson coefficient. The
PVT properties of CO 2 (Spera and Bergman 1980; Kerrick
and Jacobs 1981) are such that irreversible decompression
at magmatic temperatures is always accompanied by heating of the fluid. H 2 0 , on the other hand, has a JouleThompson inversion pressure of about 0.3 GPa (3 kb) at
magmatic temperatures and consequently cools upon irreversible decompression for Z < 1 2 kin. This phenomenon
explains the reason why (with all other factors being equal)
a CO2-rich magma remains slightly hotter than a corresponding H20-rich one at any given depth. For instance,
an alkalic magma with 10wt.% CO 2 (i.e., Zc~
Z~ =0) arrives near the surface at temperatures about
30~ higher than one containing 10 wt.% H 2 0 and no
CO2. In this same simulation 6u/u, a parameter that measures the acceleration of the fluid, is about 1.8 for the CO2rich magma versus 2.5 for the H 2 0 rich one at Z : 3 km.
Given an initial magma velocity of 1 m/s, the velocity at
3 km depth is about 3 m/s for the COz-rich melt and 4 m/s
for the H20-rich melt. Note that the speed of the magma
is only a little greater than its initial value. This is a general
feature of all the simulations carried out in this study. The
so-called propellant effect is actually quite unimportant.
It follows from this that the inferred high rate of ascent
of alkaline versus tholeiitic magma has more to do with
initial conditions than it does with the propellant effect
per se. This is not to say that volatiles are not important
to the dynamics of ascent. Indeed, initial ascent rates are
presumably governed by the mechanics of crack propagation. Rates of "brittle" failure in turn depend on the chemical environment, pressure distribution and magma viscosity
at the tip of the propagating crack (Anderson 1979; Spence
and Turcotte 1983; Stevenson 1983). Each of these factors
depend upon the volatile content of the magma. To first
order, the initial ascent rate of magma from a reservoir
will correlate with the magma over-pressure at the instant
of reservoir failure. As noted previously (Spera 1980, 1981,
1982), magma overpressures need not be very large (few
tens of bars) in order to drive magma upwards at an appreciable rate. In this view, the source region of MORB is
too hot and volatile-poor to allow for initial ascent rates
greater than a few cm/s. In fact, the strength of the peridotitic matrix may be essentially zero and therefore the initiation of ascent is more a problem in percolation theory than
in reservoir-failure mechanics. In distinction, however, a
relatively cold portion of say sub-continental lithosphere

or old oceanic lithosphere may be sufficiently strong to
set up a pressure-cooker effect so that at the time of reservoir failure magma is overpressured enough to quickly accelerate to velocities around several m/s.

Summary and conclusions
In Table 5 detailed paths are presented for two typical cases.
Run 6 models an ascending kimberlite whereas Run D is
applicable to alkali basalt migration. The two ascent trajectories qualitatively encapsulate the kinds of behavior found
in the numerical experiments. Magma following the path
of Run 6 successfully breaches the surface whereas in
Run D, magma stagnates within the upper part of the lithosphere due to significant heat losses.
The main conclusions of this study may be summarized
as follows:
(1) In most circumstances, ascent rates and conduit diameters are small enough and local lithospheric temperature low enough so that the assumption of adiabatic (i.e.,
B = 0) flow is generally a poor one especially when magma
traverses old (cold) lithosphere. In other words, when the
ratio of heat transport rate by vertical advection to diffusion is not sufficiently large, the conduit is narrow and
the ambient lithospheric temperature low, rising magma
will suffer heat death.
(2) Alkaline magma travels through the mantle in
swarms of propagating magma-filled cracks rather than as
large buoyant diapirs. Crack propagation rates and stressintensity factors are known to depend on the activity of
volatile components. It is through a crack propagation
mechanism rather than purely fluid dynamic mechanism
(volatile exsolution) that volatiles play an important role
in the transport of alkaline magma through the deep lithosphere.
(3) Mantle metasomatism is a natural consequence of
the non-adiabatic ascent of magma in narrow (meter-sized)
conduits through the lithosphere. The composition of mantle metasomatic fluid is determined by the initial volatile
content of the magma and the stability of hydrous and
carbonate-bearing phases. The very common occurrence of
nearly pure CO 2 fluid inclusions in mantle xenoliths reflects
the instability of carbonates relative to OH-bearing phases
(e.g. amphiboles, phlogopite, apatite). Note that the latter
phases are common in modally metasomatized peridotites
whereas the carbonates are rarer.
(4) The velocity of ascending magma is governed by
a balance amongst pressure, buoyancy and viscous forces;
inertial forces are not very important even for very volatilerich magma because of the relatively small compressibility
of H 2 0 and CO2 at P t > 100 MPa. The main role volatiles
play in the deep ascent process is in controlling the dynamics at the initiation of ascent and in determining the local
magma pressure.
(5) Inferences on ascent rates based on various kinetic
constraints suggest typical velocities in the range 10-1 to
several m/s for alkali basalts and 10 to 30 m/s for kimberlites in deep-seated environments.
(6) In the near-surface environment essentially all magmas attain volatile-saturation. Coupled with the enormous
increase in volatile-phase compressibility this effect drives
magma to transonic speeds. Rheological properties of two
phase (melt plus vapor) magmatic suspensions are vastly
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different in the t r a n s o n i c regime (Wilson et al. 1980; H o u s ley 1978).

When Eqs. (c), (d) and (f) are substituted into (b) an expression
for the mean magma temperature as a function of height above
and inlet depth may be determined. That is

Appendix I: Simple thermal model

T = TCR(1--exp oO+2Ti exp ~
1 + exp c~

When magma travels through a narrow (few meters) conduit within
the lithosphere, the flow may be markedly non-adiabatic. The precise amount of heat transfer between magma and country rock
depends on the conduit geometry (diameter and surface area),
magma ascent rate, the lithospheric temperature distribution and
the viscosity temperature relationship for magma. Calculations by
Delaney and Pollard (1982) indicate that within the upper crust
basaltic magma ascends only a few kilometers before complete
solidification when moving, for example, in a 2 m diameter conduit
at 1 m/s. Here it is of interest to examine the situation for magma
transport through the deeper lithosphere. Because of potentially
greater transport distances it is important to consider the effects
of the geothermal gradient on heat transfer. The calculations presented here show that for typical geometric, transport and dynamic
parameters, transport distances are on the order of a few tens
of kilometers.
It is assumed that magma flows upwards at a mean velocity
u through a cylindrical pipe of diameter D. The temperature of
magma at the "inlet" is Ti; the lithospheric temperature distribution is approximated by an expression of the form
TcR= kt q_k2 h 1.5

(a)

where kl, k 2 are constants and h represents the height above the
magma inlet (i.e., T = Ti= TcR at h = 0 , where TcR is the local
country rock temperature). A simple analytical model based on
the local heat-transport factor (B) and a spatially variable conduit
wall temperature, Tw(z) leads to the expression (e.g., Kay 1968;
Rohsenow and Choi 1962).

T - T~,(z)
f -4BZ\
Ti-T,,(z) exp ~ e e
)

(b)

where T, k and Pe represent the radially averaged magma temperature, magma thermal conductivity and peclet number respectively.
The Peclet number is defined according to

Pe =pOp uD
k

(c)

Empirical and analytical heat transfer studies are conveniently
summarized by a heat-transfer coefficient valid for laminar viscous
flow of a newtonian melt
- -

D

(d)

\~Tw /

when q represents the apparent viscosity. It should be noted that
(d) is an empirical correlation for the heat transfer coefficient B.
Most of the data Eq. (d) is based upon refer to isoviscous flow;
the viscosity correction term is only valid for small values of a
(TcR-- 7). However, in the present parameterized model, the temperature at any depth is the radially averaged one; no information
regarding the spatial variation of T can be derived from this simplified model. To the extent that crystallization occurs along the margins of the conduit, the effective heat transfer coefficient for the
flow will decrease. On the other hand, when marginal crystallization occurs, the diameter of the conduit will decrease and this
tends to increase the heat transfer coefficient. For a viscosity law
applicable to magma at subliquidus temperatures we take (Shaw
1969; Delaney and Pollard 1982; Feigenson 1981; Spera et al.
1982)
r/= r/r w exp (a(T~-- 7))

(e)

The viscosity ratio in (d) therefore becomes
//T =exp(a(T~-- 7))

r/Tw

(f)

(g)

where the depth-variable conduit wall temperature is taken as
Tw_ TCR+ T
2

(h)

and c~is defined according to
c~= - 7.44

exp (0.075a(TcR - T)).

(i)

Equation (g) gives the dependence of mean magma temperatures
on all relevant physical parameters (e.g., peclet number, conduit
size, magma properties, geothermal gradient, etc.). For reference
it is noted that the liquidus temperature for basalt drops about
4 ~ per kilometer in vapor-absent conditions. In many cases (see
Fig. 1) the temperature decrement due to heat transfer exceeds
the liquidus temperature gradient. It is noted therefore that heat
death may be a common occurrence for magma ascent through
the lithosphere.

Appendix II: Solubility of HzO in melts
The most comprehensive and internally consistent set of experimental HEO solubility (Pt- T - X ~ - V~) data for silicate melts are
those of Burnham and coworkers (Burnham and Davis 1971, 1974)
for H20 in melts of albitic composition. Although numerous additional data on equilibrium HzO contents for natural melts exist
(see Nicholls 1980 for a partial review), very few data are available
for p~> 1 GPa and only rarely have investigators exploited p~-T--J~' data for retrieval of partial molar volume data for HzO
in melts at elevated temperatures and pressures (e.g., Hodges 1974).
In order to determine internally consistent thermodynamic expressions for the solubility of HzO in mafic melts under a wide
range of physical conditions (1,000 < t < 1,500 ~ C, 0 <Pt < 3.2 GPa)
we have critically compiled a primary set of solubility data from
a number of sources (Khitarov et al. 1959; Burnham and Jahns
1962; Hamilton et al. 1964; Spengler and Burnham 1966; Burnham
and Davis 1971, 1974; Scarfe 1973 ; Shaw 1974; Oxtoby and Hamilton 1978; Hodges 1974; Eggler and Kadik 1979; Stern and Wyllie
1973; Boettcher and Wyllie 1969; Kadik and Lebeder 1969). Although some of these data are inconsistent, it does prove possible
to derive smoothed values for the chemical potential of H20 in
basaltic melt within the entire p ~ - T - wE range of petrologic importance. Fortunately, the effect of melt composition on equilibrium H20 content appears small; H20 solubility correlates only
weakly with silica and alkali oxide activities for the range of compositions relevant to naturally occuring melts especially at high
pressure. The expressions below specifically apply to melt of basaltic composition although they recover solubility data for
NaA1Si30 8 melt fairly well.
The solubility of H20 in a melt is governed by the soichiometric heterogeneous equilibrium relation
H20(m) ~-- H20(v)

(1)

For our purposes the distribution of H20 between molecular water
and hydroxyl is immaterial; we are concerned only with the total
amount of water that dissolves in the melt (Stolper 1982). We
treat the non-ideal behavior of H20 in a melt in terms of strictly
regular solution theory. For reaction (1) thermodynamic equilibrium necessitates that

lnfw-21nX'~=~(1-X~) +A/T+B+CInT+

dP

(2)

where the following assumptions have been made :
a) H20-melt mixing can be described by strictly regular solution theory
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Fig. 3a-e. Volatile content of alkaline melts as a function of
vapor phase composition and total pressure at 1,400 ~ C.
Expressions used for calculating H 2 0 and CO 2 contents are
described in Appendix II
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b) AC~ of reaction (1) is constant
c) Henry's Law in the form f ~ = k ( X ~ ) 2 is valid in the limit

~--,0.
d) (~, the partial molar volume of H 2 0 dissolved in the melt,
is independent of composition.
It may be mentioned that an attempt was made to fit the
solubility data to an expression similar to (2) except that the form
for Henry's Law was modified to fw=/c' X~. This resulted in a
fit that was statistically poorer than one based on assumption (c).
The last term on the RHS of (2) was assumed to be of the same
form (but different numerical values) as given by Burnham and
Davis (1971) for H 2 0 in NaA1Si30 8 melt. That is,

I, -,~

a a+a2+aaT+&tTZt

+(~+a6+avT) p2+(~+a9)Pa+yP

4.

(3)

Regression of the smoothed set of H 2 0 solubility data was performed by the usual numerical techniques. Numerical values of
the parameters D, A, B, C and a i where i = 1 to 10 are listed in
Table 6. Retrieval of thermodynamic parameters utilized the H 2 0
fugacity data of Burnham et al. (1969) for Pt<l G P a and that
listed in Spera (1974) for P~> 1 GPa. In practice, modified RedlichKwong equations of state for HzO were used over narrow P,T
ranges to facilitate numerical calculations. Solubility relations as
a function of temperature, pressure and vapor phase composition
are summarized in Fig. 3.
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Table 6. Parameters for H20 solubility calculations
D = 2438.6
C =1.2927
a3= -7.639 x 10 -7
a 6 = - 1 . 9 5 x 10 -8
a9=1.397 x 10 -14

A = -- 1612.7
a 1 = -0.53455
as = 1.354 x 10 -1~
a 7 -=6.474 x 10 -xz
alo= --3.525 x 10 -15

B = 1.0775

az=1.418x 10 -a
a 5 =6.0477 x I 0 - 6
a8=2.648 x 10 -1~

Regression parameters are consistent with temperature in Kelvin,
pressure and fugacity in bars. The mole fractions of H20 and
CO2 in the melt are related to corresponding mass fractions by
the following
18X~w
w~ -18X~+44X~co2+gfw(1 -X~cco2-X~w)
W~O 2 =

44X~ccoz
18 C~+44X~co~+gfw(1 - J~co2- JYw')

The gfw is defined according to gfw = 27i Xi Mi where Xi and Mi
represent the mole fraction and molecular weight of the ith component in the melt where H20 and CO 2 have not been included
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